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Abstract
Sorption and desorption processes are an important part of biological and geochemical metallic isotope cycles. Here, we
address the dynamic aspects of metallic isotopic fractionation in a theoretical and experimental study of Fe sorption and
desorption during the transport of aqueous Fe(III) through a quartz-sand matrix. Transport equations describing the behavior of sorbing isotopic species in a water saturated homogeneous porous medium are presented; isotopic fractionation of the
system (Dsorbed metal-soln) being deﬁned in terms of two parameters: (i) an equilibrium fractionation factor, ae; and (ii) a kinetic
sorption factor, a1. These equations are applied in a numerical model that simulates the sorption-desorption of Fe isotopes
during injection of a Fe(III) solution pulse into a quartz matrix at pH 0–2 and explores the eﬀects of the kinetic and equilibrium parameters on the Fe-isotope evolution of porewater. The kinetic transport theory is applied to a series of experiments in
which pulses of Na and Fe(III) chloride solutions were injected into a porous sand grain column. Fractionation factors of
ae = 1.0003 ± 0.0001 and a1 = 0.9997 ± 0.0004 yielded the best ﬁt between the transport model and the Fe concentration
and d56Fe data. The equilibrium fractionation (D56Fesorbed Fe-soln) of 0.3& is comparable with values deduced for adsorption
of metallic cations on iron and manganese oxide surfaces and suggests that sandstone aquifers will fractionate metallic isotopes during sorption-desorption reactions. The ability of the equilibrium fractionation factor to describe a natural system,
however, depends on the proximity to equilibrium, which is determined by the relative time scales of mass transfer and chemical reaction; low ﬂuid transport rates should produce a system that is less dependent on kinetic eﬀects. The results of this
study are applicable to Fe-isotope fractionation in clastic sediments formed in highly acidic conditions; such conditions
may have existed on Mars where acidic oxidizing ground and surface waters may have been responsible for clastic sedimentation and metallic element transport.
Ó 2008 Elsevier Ltd. All rights reserved.

1. INTRODUCTION
Sorption and desorption processes fundamentally aﬀect
the transport properties of metals in a number of important
geochemical settings including soil formation and weathering, biogeochemical reactions, and transport in sub-surface
geological systems. Stable isotope fractionation may
accompany sorption-desorption reactions, and quantitative
knowledge of the kinetic and equilibrium fractionation fac*
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tors is critical if metallic isotopes are to be eﬀectively used
to study the cycling of metals in aqueous systems. As sorption-desorption reactions are part of the sedimentary iron
isotope cycle, such reactions could inﬂuence isotopic fractionation in a wide range of processes, including bacterial
and chelating ligand-mediated dissolution of minerals, precipitation of iron Fe(III) minerals from Fe(II)aq solutions in
sub-surface groundwater systems, and iron removal from
groundwater during water remediation (Brantley et al.,
2004; Icopini et al., 2004; Crosby et al., 2005; Johnson
et al., 2005; Teutsch et al., 2005; Busigny and Dauphas,
2007; Crosby et al., 2007; Johnson et al., 2008).
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Experimental studies on metallic isotope fractionation
during sorption–desorption reactions have mostly focused
on batch isotope exchange experiments using iron or
manganese oxides as the adsorbing solid mineral phase
(Johnson et al., 1999; Galy et al., 2002; Rehkämper
et al., 2002; Barling and Anbar, 2004; Ellis et al., 2004;
Clayton et al., 2005; Pokrovsky et al., 2005, 2008; Malinovsky et al., 2007; Balistrieri et al., 2008; Juillot et al.,
2008). Measured isotope fractionation factors (expressed
as Dsorbed metal-soln = dsorbed ion  dsolution ion) vary between
0 and +0.8& for metallic ions (e.g., Fe, Cu, Zn), whereas
larger negative fractionation factors (0 to –1.8&) are
found for anion species (an extensive summary of fractionation factors may be found in Balistrieri et al.,
2008, Table 2). Whilst such experiments provide an excellent insight into elemental and isotopic adsorption fractionation factors in equilibrium systems, they do not
shed light on the kinetic fractionation factors for the
individual sorption and desorption reactions, the dynamic
balance of which controls the overall adsorption. Nor do
they address the properties of one of the most potentially
powerful adsorbing porous media in natural groundwater
ﬂow systems: clastic sandstone aquifers. Fe sorption during paleoﬂuid circulation in the Navajo sandstone aquifer
was recognized as a potentially major control of Fe isotope composition by Busigny and Dauphas (2007). Teutsch et al. (2005) examined the Fe-isotopic fractionation
in injection experiments conducted at a water remediation
site in which Fe(II) in groundwater was adsorbed onto
the surfaces of freshly precipitated Fe-oxyhydroxides,
and the Fe isotope fractionation was monitored in the extracted pore waters. Using a reactive transport model,
Teutsch et al. (2005) found that an equilibrium fractionation factor of D57/54Fesorbed Fe-soln Fe(II) = 1& best
matched their data; Johnson et al. (2008) have alternatively suggested that oxidation of Fe(II) and the formation of ferric oxides/hydroxides was a signiﬁcant control
on Fe isotope composition.
Here, we address the elemental partitioning and
metallic isotopic fractionation in a theoretical and experimental study of Fe sorption and desorption during the
transport of aqueous Fe(III) through a quartz-sand column. In the theoretical study, we develop transport
equations to describe the behavior of sorbing isotopic
species in a water saturated homogeneous porous medium, and we present the results of a numerical model
that simulates the sorption-desorption of Fe isotopes
during injection of an Fe(III) pulse into this medium.
In the experimental study we show the results of a series
of experiments in which Fe(III) and Na chloride solutions were injected into a porous sand grain column
for a ﬁnite period at pH 0–2 (the pH range over which
aqueous Fe(III) is known to be adsorbed by quartz;
Schindler et al., 1976), and then displaced by a tracerfree HCl solution at the same pH. This experimental
conﬁguration allows us to both test and apply the kinetic transport theory to the sorption and desorption
processes and calculate kinetic isotopic fractionation factors for both these processes as well as the equilibrium
adsorption fractionation factor.
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2. THEORY
2.1. Transport equations for inert and sorbing metals
The transport of an inert tracer through a homogeneous
porous medium can be described by an advection-dispersion equation of the form (Bear, 1972)
oC M
¼ r  ðDe rC M  vC M Þ;
ot

ð1Þ

where CM is the concentration of the dissolved metal, De is
the dispersion coeﬃcient, and v is the eﬀective transport
velocity, often assumed to be equivalent to the interstitial
velocity. For sorbing species, however, an additional sink
term is required to account for reactions between the surfaces of the solid matrix and the solute. If the solid matrix
is comprised of a relatively simple mineral phase, such as
quartz, this extra term can be derived by considering the
interaction between the sorbate, the surface bonding sites,
and the protons in solution, which may also occupy surface
sites. In the case of a metal ion, Mn+, this interaction is
commonly represented by an equation of the form (Stumm
and Morgan, 1996)
k1

Mnþ þ SH $ SMn1 þ Hþ ;
k1

ð2Þ

where SH represents the protonated surface sites, SMn1 is
the metal-surface complex, and k1 and k1 are the sorption
and desorption rate coeﬃcients, respectively. Clearly, as pH
decreases, sorption of the metal becomes less favorable.
Two additional reactions also control the protonation of
surface sites, represented by
k2

Hþ þ S $ SH;
k2

ð3Þ

and
k3

Hþ þ SH $ SHþ
2;
k3

ð4Þ

where k2 and k3 are sorption rate coeﬃcients and k2 and
k3 are desorption coeﬃcients.
Based on these reactions, a transport equation for the
metal ion in a homogeneous porous medium can be written
as
oC M
¼ r  ðDe rC M  vC M Þ þ QM ;
ot

ð5Þ

where QM is a net source term representing the net sum of
the sorption and desorption reactions; from Eq. (2), this
term is deﬁned by
QM ¼ 

oC SM
¼ k 1 C SM C H  k 1 C M C SH ;
ot

ð6Þ

with CSM representing the number of bound sites per unit
volume of ﬂuid. Typically, the rate of protonation/deprotonation reactions (Eqs. (3) and (4)) is orders of magnitude
faster than metal adsorption/desorption (Eq. (2)), and an
instantaneous equilibrium condition for these reactions
can be assumed (Stumm and Morgan, 1996). Deﬁning the
equilibrium constants K2 = k2/k2 and K3 = k3/k3, the
concentrations of CSH and CSH2 are given explicitly by
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C SH ¼ K 2 C H C S ;

ð7Þ

and
C SH2 ¼ K 2 K 3 C 2H C S :

ð8Þ

In a uniform porous matrix, the total concentration of
occupied and vacant sites is given by the sum CStot =
CS + CSM + CSH + CSH2, which, if pH is constant, can be
used to fully constrain the system. By substituting Eqs.
(7) and (8) into the expression for CStot, an expression for
CS can be obtained,
CS ¼

C tot
S  C SM
;
1 þ K 2 C H þ K 2 K 3 C 2H

ð9Þ

and a complete model of the system can be constructed
using Eqs. (5)–(9). Solutions to the equations for a range
of boundary conditions are readily obtained using numerical methods.
2.2. Transport equations for sorbing isotopes
The transport of isotopes with trace abundances is often
treated by replacing the concentration term in Eq. (1) with
an isotopic ratio (e.g., Blattner and Lassey, 1989). However, for many transition metals (e.g., Fe, Zn and Cu), there
may be more than one abundant isotope and it is then necessary to treat the transport of each isotope separately. This
caveat was applied to a study of diﬀusionally controlled Feisotope fractionation during diagenetic dolomite concretion
formation (Matthews et al., 2004) and subsequently to calculations of equilibrium adsorption fractionation in a reactive transport system (Teutsch et al., 2005).
In this section, we examine a system containing two isotopes, although it can easily be expanded to include any
number of isotopic species. In a similar way to the sorption
reactions in Section 2.1, we can explicitly represent the
behavior of the two isotopes, iM and jM, by
i

k1

Mnþ þ SH $ Si Mn1 þ Hþ ;
k1

ð10Þ

and
j

a1 k1

Mnþ þ SH $ Sj Mn1 þ Hþ :
a1 k1

ð11Þ

ð12Þ

and
a1 k 1 C jM C S ¼ a1 k 1 C Sj M C H

ð13Þ

Dividing Eq. (12) by Eq. (13) and rearranging, we obtain
a1 C Si M =C Sj M
¼
;
a1
C iM =C jM

where ði M=j MÞsorbed is the isotopic ratio of the sorbed metal, ði M=j MÞsolution is the isotopic ratio of the metal in solution, and the subscript e indicates equilibrium. Thus,
a1 = aea1 and the isotopic fractionation of a non-equilibrium system can be described in terms of two parameters:
(i) an equilibrium fractionation factor, ae; and (ii) a kinetic
factor, a1. Clearly, if a system is near or at equilibrium, isotopic fractionation between the sorbed and dissolved metal
is determined only by ae; such conditions are achieved when
the rate of mass transfer is low relative to the rate of reaction. Criteria for recognizing near-equilibrium states are
discussed in Section 2.3.
To describe the transient transport of the isotopes and
the evolution of the isotopic ratios in the system requires
separate transport equations for each isotope:
oC iM
¼ r  ðDe rC iM  vC iM Þ þ QiM ;
ot

ð14Þ

ð16Þ

and
oC jM
¼ r  ðDe rC jM  vC jM Þ þ QjM :
ot

ð17Þ

Similar to Eq. (6), the two sink terms are given by
Q iM ¼ 

oC Si M
¼ k 1 C Si M C H  k 1 C iM C SH ;
ot

ð18Þ

oC Sj M
¼ k 1 C Sj M C H  k 1 C jM C SH ;
ot

ð19Þ

and
Q jM ¼ 

As in Section 2.1, CSH and CSH2 are given by Eqs. (7) and
(8), and if pH is constant and uniform throughout the system, the series of equations is closed by the deﬁnition of the
total site concentration (CStot = CS + CiSM + CjSM +
CSH + CSH2), which can be rearranged to obtain an expression for CS,
CS ¼

Note that in Eq. (11), the sorption and desorption rate coefﬁcients for jM have been expressed as a1k1 and a1k1,
respectively, where a1 and a1 are uniquely deﬁned kinetic
fractionation factors, expected to have values close to unity.
Furthermore, when the rate of sorption is equal to the rate
of desorption (i.e., at equilibrium) the following two relationships hold:
k 1 C iM C S ¼ k 1 C Si M C H ;

and the ratio a1/a1 is therefore equivalent to the conventional deﬁnition of the equilibrium fractionation factor,
ae, deﬁned as
 i

ð M=j MÞsorbed
;
ð15Þ
ae ¼ i
ð M=j MÞsolution e

C tot
S  C Si M  C Sj M
:
1 þ K 2 C H þ K 2 K 3 C 2H

ð20Þ

Thus, the isotopic evolution of a system is determined by
transport parameters (v and De), the concentration of surface sites (CStot), rate coeﬃcients (k1, k1), equilibrium constants (K2, K3), and fractionation factors (ae,a1), and
numerical solutions to Eqs. (7), (8) and (16)–(20) can be obtained for diﬀerent boundary conditions. As discussed in
Section 2.3, if a suﬃciently wide range of experimental conditions are examined, all of these parameters, including the
kinetic fractionation factors, can be experimentally
determined.
The model presented here diﬀers from most previous
models dealing with the transport and sorption of iron isotopes (e.g., Matthews et al., 2004; Teutsch et al., 2005) for
three main reasons: (1) the interaction of the metal species
with the solid matrix is considered to be a dynamic, rather
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than an equilibrium, process; (2) both sorption and desorption reactions are explicitly modeled; (3) the eﬀect of pH on
the availability of surface sites is explicitly included. Furthermore, such a model should be capable of describing
the transport of Fe through a sand column; 56Fe and 54Fe
typically represent 92% and 6%, respectively, and treating the transport of the two isotopes separately is necessary
to successfully model the evolution of isotopic signatures
which result from the combination of transport and sorption–desorption processes.
2.3. Numerical modeling and model behavior
The models described in Sections 2.1 and 2.2 are relatively complex, and the inﬂuence of each of the parameters
on the evolution of metal concentrations and isotopic patterns is not immediately apparent. Here, we use a brief
parametric analysis to show the impact of the various model inputs on concentration and isotopic breakthrough
curves and to demonstrate the numerical stability of the
solutions.
To simulate the sorption–desorption properties of Fe
isotopes when a pulse of Fe(III) solution is injected into
a quartz matrix, the coupled equations determining the
transport of metal species and their isotopes outlined in
Sections 2.1 and 2.2 are solved here numerically using a
ﬁnite element method utilizing the MultiphysicsÒ software
package (COMSOL). One code was constructed to solve
the set of equations in Section 2.1, while a second, separate code solved the system of equations for isotopic
transport outlined in Section 2.2. To mimic the ﬂow of
a metal through a homogeneous porous column, a 1D
domain was constructed from a mesh of 960 Lagrange
quadratic elements. The numerical solutions were found
to be stable for a wide range of parameters, and both
the time dependent linear system solver and the solutions
were shown to be insensitive to increased grid density.
Analysis of the calculations also demonstrated that mass
was conserved in the simulations.
Simulation of a pulse input for a single metal species
(CM) into a porous media saturated with interstitial metal-free solution, followed by its displacement by metal-free
solution, was achieved by applying a constant concentration at the inlet for a limited duration; a standard Neumann
boundary condition (oCM/ox = 0) was set at the outlet, corresponding to a purely advective solute output. The simulations were conducted at pH values 0, 1, and 2, respectively
(i.e., at each pH value, the simulations were performed with
the same pH values for the metal-bearing and metal-free
solutions). The evolution of 56Fe at the outlet in the isotope
model was simulated by applying similar boundary conditions, with the concentrations of 54Fe and 56Fe at the inlet
being determined from the total metal concentration and
the reported values of the Fe IRMM-14 standard (5.845%
and 91.754%, respectively). The d56Fe value of the input
solution was arbitrarily set at 0&. Values for K2
(101.6 lM1) and K3 (107.6 lM1) were adopted from the
protonation constants for quartz proposed by Sverjensky
and Sahai (1996) for the diﬀuse double layer model. In
the model, the fractionation factors were deﬁned as


ae ¼

ð56 Fe=54 FeÞsorbed
ð56 Fe=54 FeÞsolution
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;

ð21Þ

e

56
and k 54
1 ¼ a1 k 1 . (Note that equilibrium fractionation factors expressed using the D notation are related to ae by
the relation: Dsorbed metal-soln = dsorbed ion  dsolution ion 
1000 lnae).
The inﬂuence of each of the key model parameters on
the solute breakthrough curve is shown in Fig. 1. In most
of the simulations presented here three stages can be observed: (1) Fe concentrations slowly increase at the outlet,
reﬂecting the adsorption of Fe onto the quartz matrix; (2)
plateau in Fe concentration, indicating that surface sites
are approaching saturation with respect to Fe and a state
of chemical equilibrium; and (3) Fe concentrations decrease
as desorption dominates. Overall, system behavior is very
consistent and a number of generalizations can be made:











The asymmetry of the adsorption and desorption
phases is an indicator of the proximity of the system
to chemical equilibrium. For example, in Fig. 1a the
simulation at pH 0 indicates that near-instantaneous
equilibrium is maintained throughout, whereas at pH
1 the long tail apparent in the desorption phase indicates that disequilibrium is present.
As pH increases and more surface sites become available for binding Fe, the degree of retardation—measured by the rate at which concentrations increase at
the inlet—increases signiﬁcantly (Fig. 1a).
Increasing the value of k1 directly increases the rate of
sorption, resulting in a decreased mean rate of transport
through the system (Fig. 1b).
By contrast, raising the value of k1 acts to increase the
rate of mass transfer by promoting the desorption of
metal ions from the surface (Fig. 1c),
Increasing the concentration of surface sites promotes
sorption, eﬀectively retarding solute transport
(Fig. 1d). Note that increasing retardation also leads
to increased tailing at long times, reﬂecting the shift
away from Fickian transport due to the inﬂuence of surface reactions.

The inﬂuence of a1 and ae on the value of d56Fe recorded
at the outlet is shown in Fig. 2, and the three stages (sorption, steady state, and desorption) can also be observed in
the evolving isotopic compositions. During the initial sorption stage, d56Fe values decrease to a minimum value of
around 1 & and then gradually increase, in some cases
slightly exceeding 0&; however, as the surface sites become
saturated with Fe, the isotopic signature approaches a plateau with a value close to 0& in all cases. During the
desorption stage, all simulations show an initially positive
d56Fe value reﬂecting a release of the heavy isotope that
had preferentially accumulated on the surface of the quartz;
at later times, however, values can become increasingly positive or increasingly negative.
Despite the relative complexity of the model, some generalizations can be made concerning the eﬀect of a1 and ae
on the evolution of d56Fe. As a1 decreases the isotopic
trough marking the initial breakthrough becomes increas-
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Fig. 1. Eﬀect of diﬀerent model parameters on the breakthrough curve of a sorbing metal species. (a) pH; (b) k1; (c) k1; and (d) CStot. Unless
otherwise indicated, parameter values are v = 1 cm min1, De = 0.5 cm2 min1, k1 = 10-3.5 lM1 min1, k1 = 106.5 lM1 min1,
K2 = 101.6 lM1, K3 = 107.6 lM1, Cstot = 100 lM, and pH 1. The input pulse has a concentration of 200 lM and duration 200 min.
Column length is 50 cm.

ingly negative i.e., Dsorbed metal-soln becomes more negative
(Fig. 2a). This occurs because decreasing values of a1 lead
to lower values for k 54
1 and a correspondingly lower rate
for 54Fe adsorption. Thus, the sorbed phase becomes
increasingly enriched in 56Fe while the dissolved Fe becomes increasingly depleted. By contrast, for the set of
parameters explored in the simulations, the equilibrium
fractionation factor, ae, has little eﬀect on the magnitude
of the initial trough. The equilibrium fractionation factor
does, however, determine whether or not d56Fe is positive
or negative as the system approaches the equilibrium plateau stage (Fig. 2b), with higher values of ae producing
more negative values of d56Fe; for a ﬁxed value of a1, higher
values of ae also correspond to increasing values of a1 (Eq.
(14)), which in turn result in higher rates of 54Fe desorption
relative to 56Fe and a depletion of 56Fe in the solution.
The rate coeﬃcients, k1 and k1, also have a strong impact on the isotopic composition recorded in the outlet
solution (Fig. 2c–d). Higher values of k1 serve to amplify
the degree of isotopic fractionation recorded during the initial breakthrough stage, while higher values of k1 reduce
the initial fractionation eﬀect; such behavior reﬂects the relative dominance of the sorption and desorption processes
and their respective eﬀects on fractionation.
Even when ae = 1, the transient isotopic signatures may
still reﬂect kinetic fractionation (Fig. 2b). Ultimately, however, whether or not the equilibrium fractionation factor is
suﬃcient to describe the system is dependent on the proximity of the system to equilibrium, which is determined by the

relative time scales of mass transfer and chemical reaction.
Thus, low ﬂuid transport rates should produce a system
that is less dependent on kinetic eﬀects. In experimental systems, however, the degree of disequilibrium can be estimated from the level of asymmetry of the concentration
breakthrough curve.
3. EXPERIMENTAL DESIGN AND METHODS
The pulse-displacement experiments were conducted in a
cylindrical homogeneously packed sand column, 5 cm in
diameter and 50 cm in length. This porous media was always saturated with interstitial ﬂuid and a laminar ﬂow regime was maintained in all experiments so that Darcy’s law
is valid. Input Fe(III) solutions were made by dissolving
FeCl3 in HCl solutions at pH values of 0, 1 and 2. Two
Fe solution concentrations were used: 208 lM (ca
10 ppm) and 1900 lM (ca 100 ppm, respectively). In a single experiment at pH of 0, 500 lM Na solutions were used
as a conservative inert tracer. Prior to the input of the
Fe(III) or Na solutions, the compacted sand column was
saturated with HCl solution at the pH of the experiment:
the displacement of the metal pulse was similarly made with
HCl solution at the same pH, thus ensuring that both pH
and chloride concentrations were uniform throughout.
The sand comprised natural pure quartz (>99%) with a
mean grain size 500 lm and inclusive standard deviation
0.39 phi, classifying it as well-sorted. The measured porosity was 0.347 and the surface area calculated from this
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Fig. 2. Eﬀect of fractionation factors and rate constants on isotopic evolution in the outlet solution. Results are shown for (a) a1; (b) ae; (c) k1;
and (d) k1. Unless otherwise indicated, parameter values are ae = 1.0005, a1 = 0.9992, k1 = 103.5 lM1 min1, k1 = 106.5 lM1 min1,
v = 1 cm min1, De = 0.5 cm2 min1, K2 = 101.6 lM1, K3 = 107.6 lM1, Cstot = 100 lM, and pH 1. The input pulse has an isotopic
signature of d56Fe = 0& and a concentration of 200 lM. Duration of the pulse is 200 min and column length is 50 cm. The total concentration
breakthrough curve at pH 1 is depicted in Fig. 1a; note that although large fractionations occur at early and long times, corresponding
concentrations are low (Fig. 1). To give a clearer picture of the important stages of the breakthrough curve, the x axis begins at t = 30 min.

porosity and the grain-size distribution, assuming spherical
geometry for the quartz grains was 5.47 m2. Full details of
the sand preparation, grain size distribution and porosity
measurements are given in Levi (2005).
The experimental apparatus is illustrated in Fig. 3. The
cylindrically packed vertical sand column is connected to
two feed lines with a T-connection ﬁtting, allowing the
selection of the inﬂuent line. Two large volume glass (Marriott) bottles are connected to the pump, one for the metalfree HCl solution at the pH of the experiment (i.e., HCl
solutions made up with deionized water at the desired
pH), the second for the FeCl3 or NaCl solutions in HCl
at the desired pH. The entrance of each bottle is sealed with
a plastic cork to ensure that air entrance only occurs
through a plastic tube inserted through the cork. Thus, at
point A the bottle is open to the air (i.e., the pressure is
equal to the atmospheric pressure) and at any point above
A and below the water surface, the pressure is less than
atmospheric.
The simultaneous use of two large volume bottles decreases ﬂuctuations in ﬂow by providing a constant
water-head upstream of the pump. The metal-free and metal-bearing solutions are pumped at similar ﬂow rates using
a peristaltic pump (Cole-Parmer Console Drive) through
silicone tubing inserted into the plastic tubes in the bottles
at one end, and to the entrance of the column at the other
end. The inﬂuent solution can be switched at the required

time (e.g., on cessation of the tracer pulse) using the T-connections at the entrance. While solution from one bottle enters the column, the solution from the second bottle ﬂows
through the bypass line to discharge and vice versa. Samples were collected at the outlet of the column and samples
representing the input solutions were collected from the bypass lines located 2 cm before the entrance. Na and Fe concentration measurements were made with a Perkin Elmer
5100 Atomic Adsorption Spectrometer. All samples were
acidiﬁed to pH 1 prior to analysis. Measurements of pH
were carried out using a WTW 196 pH meter.
Fe isotope analyses were made by MC-ICP-MS, as described by Belshaw et al. (2000), Zhu et al. (2002) and Matthews et al. (2004). Since the solutions were prepared from
pure reagents free of matrix contaminants, chromatographic puriﬁcation was not used prior to the isotopic analysis. The experimental solutions were ﬁrst evaporated to
dryness then brought to either 10 or 5 ppm Fe concentration using 0.1 M HCl, before being introduced to the plasma through a desolvating nebuliser without N2 gas ﬂow to
eliminate interferences associated with ArN and hydroxide
species. All isotopic measurements (most in replicate) were
made as 57Fe/54Fe ratios using sample-standard bracketing
against the IRMM-14 metal standard. This particular isotope ratio is measured because the collector assembly of
the Nu Instruments MC-ICP-MS used for this work (Geological Survey of Israel) is conﬁgured for the measurement
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Metalfree
HCl
soln.

Δ h=16 cm

HCl solution at the experimental pH. When the output
solution concentration equaled the input solution concentration (the plateau phase), the conﬁguration was reversed,
thereby terminating the step input and allowing the interstitial Fe solution to be displaced by pure HCl solution at the
experimental pH. Fe isotope measurements were made for
the 208 and 1900 lM experiments at pH 1 and for the
208 lM experiment at pH 2. All experimental results are detailed in Electronic Annex EA-1.

Metalbearing
HCl
soln.

PUMP

4. EXPERIMENTAL RESULTS AND DISCUSSION
EFFLUENT

INFLUENT

Metalfree soln.
discharge

Metalbearing soln.
discharge

Fig. 3. Experimental apparatus. The diagram illustrates the
scheme for the sequential introduction of the metal-bearing and
metal-free HCl solutions from two glass Marriott bottles (shown at
top).

of 57Fe/54Fe and 57Fe/56Fe ratios, but not 56Fe/54Fe ratios.
In order to convert the analytical data to d56Fe values used
in the model calculations, the measured d57Fe values were
transformed using the mass-dependent relationship:
d56Fe = 0.68 * d57Fe. Independent measurements of
57
Fe/54Fe and 57Fe/56Fe ratios for a wide range of natural
and artiﬁcial solutions show that measured isotope ratios
follow the mass fractionation relation. The d57Fe value (relative to IRMM-14) of the input solution is 0.13 ± 0.06 &,
giving a d56Fe value of 0.08 &.
Experimental conditions are given in Table 1. In total six
experiments were performed: the ﬁrst experiment (experiment #1) employed Na as a tracer (502 lM; pH 1), three
experiments used 208 lM Fe solutions at pH 0, 1 and 2
(experiments #2, #3, #4, respectively), while two additional
experiments were conducted with 1900 lM Fe at pH 1 and
2 (experiments #5 and #6, respectively). Each experiment
consisted of a step input phase during which the Fe or
Na solution was injected into the sand column containing

The experimental data were used to optimize the model
parameters using a sequential approach. The dispersion
coeﬃcient, De, was ﬁrst obtained by employing an error
minimization technique that compared solutions to the
advection-dispersion equation (Eq. (1)) with the Na breakthrough data. Speciﬁcally, an objective function, deﬁned as
the sum of the errors between the measured and predicted
values, was minimized using a MATLAB algorithm based
on the Nelder-Mead method. Once De was obtained, a similar technique was applied to the Fe concentration data to
isolate k1 and k1; values for the protonation constants
K2 and K3 were estimated from calculated literature values
for quartz (Sverjensky and Sahai, 1996). Finally, using the
previously obtained parameters, the fractionation factors,
ae and a1, were extracted by applying the error minimization method to the Fe isotope data. In the second and third
sequential phases, data from pH 2 experiments were disregarded owing to irreversible iron oxide precipitation; this
point will be discussed in detail later in this section.
The concentration breakthrough curves for the diﬀerent
experiments are shown in Fig. 4 and a summary of the
model parameters produced by ﬁtting the numerical model
to the experimental results is shown in Table 2. Importantly, it can be seen that for the inert Na tracer, Eq. (1)
produces an excellent ﬁt with the experimental data
(Fig. 4a), conﬁrming that the advection-dispersion equation
adequately represents the transport of solute through the
column. Anomalous (non-Fickian) transport is often observed during mass transfer in porous media (Domenico
and Schwartz, 1997; Fetter, 1988), and the symmetrical Fickian behavior found here is probably due to the homogeneous packing of the column. Although the dispersion
coeﬃcient is usually considered to be a function of ﬂuid
velocity (Bear, 1972), the range of ﬂow rates in the Fe
experiments diﬀered from the Na tracer experiments by less
than 25% and a value of 0.5 cm2 min1 is therefore assumed
in the sorption and isotopic transport models as well.

Table 1
Conditions for the diﬀerent experiments
Experiment No.

1

2

3

4

5

6

Solute species
Input concentration [lM]
pH
Pulse duration, t1 [min]
Interstitial velocity, t < t1 [cm min1]
Interstitial velocity, t > t1 [cm min1]

Na
502
1
161.9
0.96
0.94

Fe
208
0
202.2
0.97
0.92

Fe
208
1
161.7
0.96
0.74

Fe
208
2
262.2
0.93
0.90

Fe
1934
1
206.4
1.00
0.85

Fe
1898
2
304.5
0.99
0.82
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0
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0

100
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0
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Fig. 4. Experimental breakthrough data for (a) Na and (b–f) Fe solutions. Inlet concentrations (Cin) and pH are indicated for each
experiment. Summary of experimental conditions is given in Table 1. Solid lines indicate the model breakthrough curves.

Table 2
Summary of model parameters
Fitted parameters

Value

Units

De
k1
k1
a
K2
a
K3
CStot
a1
ae

0.5
6.31 * 104
1.26 * 106
3.98 * 101
2.51 * 108
2.00 * 102
0.9997
1.0003

cm2 min1
lM1 min1
lM1 min1
lM1
lM1
lM

a

Sverjensky and Sahai (1996).

The ﬂow through experiments involving Fe show
asymmetric breakthrough curves typical of sorption/
desorption behavior and there was a good agreement between the Fe concentration data and the model discussed
in Section 2.3. For Fe concentrations of 200 lM
(Fig. 4b–d), the sorption model (Eqs. (5)–(9)) successfully
reproduces the solute breakthrough curves for the pH
range 0–2. However, it is important to note that at pH
2 the model signiﬁcantly overestimates the concentration
of Fe during desorption phase (Fig. 4d). This eﬀect could
be due to a small degree of irreversible Fe-adsorption or
precipitation of Fe-oxyhydroxides on the surface of the
quartz matrix, a process that is not accounted for in
the sorption model. Clearly, when the sorption reactions

are completely reversible, all the input solute pulse would
be removed from the system as complete desorption occurs. However, if a portion of the solute mass is irreversibly ﬁxed within the porous matrix, this portion will not
be transferred back to the solution phase and the model
will overestimate the Fe concentration during desorption.
At higher Fe concentrations (2000 lM), however, no
such tailing eﬀects are observed and the agreement between model and experiment is very good (Fig. 4e–f),
due to the rapid saturation of surface sites, relatively little retardation occurs, even at pH 2.
The value obtained for the density of total surface sites
CStot (200 lM) is consistent with estimates reported elsewhere (Schindler and Stumm, 1987). Site densities are often
expressed in terms of sites m-2 solid, which is equivalent to
/CStot/Ssp, where / is porosity (0.347) and Ssp is the surface
area per unit of bulk volume (5.58 m2 L1). Substitution of
values yields 12.4 lmol m2, which is within the range of
7.5–14.9 lmol m2 calculated for OH- site concentration
in silica proposed by Hohl et al. (1980) and Schindler and
Stumm (1987).
Fe isotope composition vs time proﬁles for the 208 and
1900 lM experiments at pH 1 and the 208 lM experiment
at pH 2 are shown in Fig. 5. The isotopic measurements
of the ﬂuid for both series of experiments at pH 1
(Fig. 5a–b) show initially negative values during the sorption phase, with d56Fe values as low as approximately
1.5&. As the surface sites become saturated, values increase to around 0& (i.e., the input solution d56Fe value rep-
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Fig. 5. Evolution of d56Fe for diﬀerent experimental conditions.
Inlet concentrations (Cin) and pH are indicated for each experiment: (a) Fe = 208 lM, pH 1; (b) 1934 lM, pH 1; and (c) 208 lM,
pH 2. The solid lines indicate the ﬁt of the isotope transport model
to the isotopic data. Note the deviation of the Fe-isotopic
compositions from the model calculation as the system reaches
the saturation stage predicted by the model.

resenting the equilibrium plateau stage), and during desorption d56Fe becomes positive, although values do not exceed
1&. However, in the experiment at 208 lm and pH 2 a different pattern is observed (Fig. 5c): d56Fe values increase
from 1.5& to 1& during the sorption phase, although
this peak subsides, with values stabilizing at the input solution value of around 0& at a later stage, as observed in the
other sorption experiments. The positive d56Fe overstep is
most likely a product of irreversible precipitation of Feoxhydroxides. Skulan et al (2002) showed that rapid precipitation of Fe(III) oxides from an Fe(III) solution resulted in
a negative kinetic iron isotope fractionation (D56FeFe oxide 
Fe(III)aq) = 1.32 &). Such a kinetic fractionation during
Fe-oxyhydroxide precipitation would result in heavy isotope enrichment in the solution, as observed in our experiment. Such iron oxide precipitation could irreversibly coat
the quartz grains with a ﬁlm of passive iron oxides. This accounts for the mismatch between the model and Fe concentrations noted earlier for the same experiments (Fig. 4f), and
for this reason no isotopic measurements were made of
desorption phase (Fig. 5c).

Using the parameters based on the single species sorption model, the isotopic transport model also produces a
good ﬁt with the data for diﬀerent Fe concentrations at
pH 1. The kinetic fractionation factor, a1, is
0.9997 ± 0.0004, while the equilibrium factor, ae, is
1.0003 ± 0.0001 corresponding to an equilibrium fractionation of D56Fesorbed Fe-soln = 0.3& for the Fe sorptiondesorption on quartz. The uncertainties are based on an error map (Fig. 6) of over 300 simulations with a range of values for ae and a1. The map eﬀectively describes the increase
in error relative to the optimum value obtained (i.e., the
50% contour represents an increase of 50% in the diﬀerence
between the experimental data and the model simulation
relative to the lowest value that was obtained), it can be
seen that the error function is relatively smooth, converging
in the region bounded by the 25% error contour, which
serves as a basis for the estimates of the a1 and ae uncertainties. The uncertainty for the equilibrium factor is smaller
than that for the kinetic factor, reﬂecting the greater sensitivity of the model to changes in the equilibrium factor. At
higher ﬂow rates, producing conditions further from equilibrium, the uncertainty on the kinetic factor should be reduced. The corresponding value of desorption kinetic
isotope fractionation factor, a1, is 0.9994.
Changes in the Fe solution speciation with pH potentially may inﬂuence the chemical and isotopic properties
of the system. Calculations using equilibrium stability constant data for Fe(III) chloride complexes and the semiempirical HCl activity model of Bjerrum and Lukes
(1986) indicate that speciation will change from dominantly
Fe3+ at pH 2 to Fe3+ FeCl2+ at pH 1 and FeCl2+ >
FeCl2+ at pH 0. Despite these variations, the experimental
Fe concentration data were ﬁt by a single set of sorption kinetic parameters (Table 2), thus implying that the solution
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Fig. 6. Error map for diﬀerent values of a1 and ae. The error is
given as a percent increase relative to the minimum value (indicated
by the circle) at a1 = 0.9997 and ae = 1.0003. Note that the error
function is relatively smooth, converging in the region bounded by
the 25% error contour, which serves as a basis for the estimated
error bars. The contour lines were interpolated from over 300
points using a Delaunay triangulation method.
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species changes do not signiﬁcantly aﬀect the chemical sorption-desorption properties of Fe. Recent theoretical calculations by Hill and Schauble (2008) suggest that the
diﬀerent Fe(III) chloride solution species should isotopically fractionate with respect to one another, with magnitudes up to D56/54Fe = 2&. At HCl strengths of 1.6–
3.5 M, experimental studies on Fe-isotope partitioning support the notion of a Fe(III)chloride complex dependent
fractionation (Fujii et al., 2006). However, at low chlorinities of 0.1 M or less, experimental studies show no evidence
of the fractionation diﬀerences predicted by theory (Johnson et al., 2002; Welch et al., 2003), thus suggesting that
speciation will not aﬀect isotopic fractionation at these concentrations. Consequently, the values of ae and a1 deduced
in this study most probably provide good estimates for the
equilibrium and kinetic adsorption fractionation factors at
pH >1 and low chlorinity.
5. CONCLUSIONS
This study presents a transport model that accounts for
the kinetic and equilibrium isotopic fractionations resulting
from the sorption–desorption reactions of a tracer metal
pulse in a porous medium. The model is successfully applied to a series of experiments in which pulses of NaCl
and FeCl3 solutions at diﬀerent concentrations and pH values 0, 1, and 2 were injected into a water saturated quartzsand column. By ﬁtting the model to experimental data, the
kinetic sorption and desorption Fe concentration parameters and isotope fractionation factors were determined. This
has allowed us to explore the relations between the kinetic
isotope fractionation and the equilibrium iron isotope fractionation; data not accessible through conventional bulk
exchange experiments.
The most pertinent predictions of the model are those
pertaining to the Fe-isotopic evolution of the pore ﬂuids
in a system evolving through the sequential sorption and
desorption processes (Fig. 2). An isotopic depletion marking the initial breakthrough becomes increasingly negative
as the value of the kinetic sorption fractionation factor a1
decreases. In addition, the equilibrium fractionation factor,
ae, determines whether or not d56Fe is positive or negative
as the system approaches the equilibrium plateau stage,
with lower ae values producing slightly positive d56Fe values. During desorption, ae also controls whether d56Fe values are positive or negative at long times; as ae values
increase from unity to 1.001, values of d56Fe change from
increasingly negative to increasingly positive.
The experimental data are ﬁt by a single set of parameters both for the Fe concentration data as well as the d56Fe
data (these isotopes representing ca 98% of all the iron in
the system). The fractionation factors representing a best
ﬁt of the transport theory to the Fe concentration data
and the d56Fe data at pH 1, where Fe3+ and FeCl2+ are
the dominant solution species, are a1 = 0.9997 ± 0.0004
and ae = 1.0003 ± 0.0001. The corresponding value of the
desorption Fe isotope fractionation factor, a1, is 0.9994
(D56Fesorbed Fe – soln = 0.6&). Thus, it should be emphasized that both the sorption and desorption processes have
fractionation factors <1, and the positive value for the equi-
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librium fractionation factor arises from the higher value of
a1 relative to a1. The equilibrium fractionation factor
(D56Fesorbed Fe – soln) of 0.3& is comparable with values deduced for adsorption of metallic cations on iron and manganese oxide surfaces (Balistrieri et al., 2008, Table 2). This
implies that sandstone aquifers will fractionate metallic isotope cations through adsorption, as has been predicted for
Fe oxides in several studies of natural systems (Teutsch
et al., 2005; Busigny and Dauphas, 2007). Moreover, in
continental groundwater systems the surface available in
sandstone aquifers far outweighs that of Fe-Mn oxides
and so adsorption is a potentially major mechanism of
metallic isotope fractionation in groundwater metal transport systems. Whether or not the equilibrium fractionation
factor is suﬃcient to describe the system is dependent on
the proximity of the system to equilibrium, which is determined by the relative time scales of mass transfer and chemical reaction. Low ﬂuid transport rates should produce a
system that is less dependent on kinetic eﬀects.
With the exception of acid mine drainage and some
hydrothermal systems, the fractionation factors obtained
from our experiments cannot be directly applied to the
transport of Fe in groundwater systems because, due to
prevalence of higher pH values at which the transport of
dissolved Fe only occurs as the reduced ion Fe(II). However, during the Archean highly acidic conditions may have
prevailed at Earth’s surface due to elevated atmospheric
CO2 concentrations (Lowe and Tice, 2004; Ohmoto et al.,
2004), and Fe isotopes in quartz sediments formed at that
time could have been strongly inﬂuenced by the processes
described here. Furthermore, our data may also have implications for Mars where acidic oxidizing ground and surface
waters have been proposed (Klinghoﬀer et al 2004; Grotzinger et al., 2005; McClennan et al., 2005; Squyres and
Knoll, 2005; Squyres et al., 2006). Chemical weathering of
olivine basalts, erosion and redeposition by such acidic oxidizing waters has given rise to the formation of ﬁne-grained
siliclastic and evaporitic sandstones containing minerals
such as Mg sulphate (epsomite), gypsum, ferric sulphate
(jarosite) and hematite. The occurrence of the jarosite-gypsum assemblage indicates pH conditions of 2–4 (Elwood
Madden et al., 2005), and the presence of rare hydrated ferric sulphate minerals rhomboclase and ferricopiapite with
epsomite may indicate pH values as low as 0 or less (Tosca
et al., 2008). The recent detection of silica-rich deposits in
the soils and bedrock at Meridium Planum Home Plate
provides further conﬁrmation of chemical element mobilization under acidic sulphate hydrothermal conditions
(Squyres et al., 2006 and references cited therein). If these
water-borne sedimentary deposits show similar sorption
properties to those described here for Fe(III) solutions,
sorption may have a role to play in Fe isotope fractionation
on Mars in addition, or as an alternative, to the potential
role that has been suggested for astrobacterial processes
(Chan et al., 2006).
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